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a b s t r a c t
Despite the knowledge gained on the physical processes dominating the formation, development and dissipation of radiation fog events, uncertainties still exist about the role of the
microphysical processes related to aerosol characteristics. The objective of this work is to
analyze the sensitivity of fog to aerosols through their impacts on the fog droplets. A radiation
fog event that formed on 15/11/2011 at the SIRTA Observatory near Paris in the context of the
2011–2012 ParisFog field campaign is the basis of this study. The selected case is one that
initially forms a few hundred meters above the surface and within half an hour lowers down to
the surface. A combination of SIRTA's sophisticated observations and 1D numerical simulations
is employed with the aim of better understanding the influence of thermodynamics and
microphysics on the life-cycle of the fog event and the degree to which aerosol characteristics
such as concentration of potentially activated aerosols, size and solubility affect its characteristics. It results that the model simulates fairly well the fog life cycle, with only one half hour
advance in the onset and one hour in the dissipation at the surface. The quality of the reference
simulation is evaluated against several in-situ and remote sensing measurements. A numerical
sensitivity analysis shows that the fog characteristics are strongly influenced by the aerosols.
Doubling (halving) the cloud condensation nuclei (CCN) number translates into a 160%
increase (65% decrease) in the production of fog droplets, and a 60% increase (40% decrease) of
the liquid water path (LWP). The aerosols influence up to 10% the fog geometrical thickness.
The necessity for more detailed local forcings that will produce better thermohygrometric
conditions in the upper levels above the formed fog layer is underlined, as well as the addition
of microphysical measurements in the vertical that will allow to improve two-moment
microphysics schemes.
© 2014 Elsevier B.V. All rights reserved.
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Radiation fog, though one of the most extensively studied
fog types, is still complex to fully understand and difficult to
study. The efforts of the researchers in order to improve the
knowledge of fog have been twofold: on one hand several
observational studies have been carried out, while on the
other hand the implementation of numerical models has been
widespread. Throughout the years, several field campaigns in
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many countries and under different topographic and atmospheric characteristics have been held (Price, 2011; Roach,
1976, UK; Meyer and Lala, 1986, USA; Fuzzi et al., 1992, 1998,
Italy; Duynkerke, 1999, Netherlands; Gultepe et al., 2009,
Canada; Haeffelin et al., 2010, France; Liu et al., 2012, China;
Román-Cascón et al., 2012, Spain). The findings of the
campaigns and the rich source of data have significantly
helped improve numerical simulation studies on fog physics.
The latter concern the development and application of a
variety of 1D (Guedalia and Bergot, 1994; Duynkerke, 1991;
Bott et al., 1990; Musson-Genon, 1987; Fisher and Caplan,
1963) or 3D models (Shi et al., 2012; Cuxart and Jiménez,
2012; Müller et al., 2010; Van der Velde et al., 2010; Pagowski
et al., 2004) for the study of fog. In particular, the application
of single column models on fog studies allows for a computationally efficient and practical experimentation on the
interaction among the different physical local processes
(dynamic, thermodynamic, radiative, microphysical and
chemical) that influence the fog life cycle and characterize
its complex nature.
Despite the knowledge acquired so far, uncertainties still
exist about the physical mechanisms and the interactions
driving fog variability. In particular there is a need for further
investigation on the aerosol interactions with microphysical
processes in fog conditions. Intricate relationships exist
between aerosols and fog characteristics since the activation
and diffusion growth of droplets depend on the physicochemical character of the ambient aerosols (Gultepe et al.,
2007). Activated aerosols which serve as activated CCN, exert
a substantial influence on fog's supersaturation and, as a
result, on fog formation. At the same time, their chemical
nature, their amount and size determine the condensation at
the fog onset, as well as the number and size of the droplets
that will form. The aerosols' total number concentration,
as well as their size and chemical composition may vary,
depending on geographical location. Several works have been
published concerning the interaction of aerosols and fog
(Elias et al., 20141; Elias et al., 2009; Rangognio et al., 2009;
Lillis et al., 1999; Seinfeld et al., 1992; Bott and Carmichael,
1993; Bott, 1991; Eldridge, 1966) underlining their influence
on fog life cycle.
The number concentration of activated CCN largely determines the cloud droplet number concentration and indirectly
influences the liquid water content of fog. Therefore the aerosols'
activation mechanism is rather critical affecting the formation
of fog and its further development. Much about the aerosol
activation process is understood quite well (Pruppacher and
Klett, 1997), but the complete aerosol activation theory is
complex. The parameterization of activation must account for
the competition between aerosol particles and for the dependence of the competition on particle size and distribution, on
their chemical nature and solubility, as well as on the supersaturation forcing rate. Squires (1958), Twomey (1959) and
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Squires and Twomey (1960) developed analytical expressions
that relate the total number of activated aerosols to supersaturation and, in essence, to vertical velocity. The most important
deficiency of such expressions is that they are not bound by the
total aerosol number, therefore errors arise. Moreover they do
not relate the activation spectrum to aerosol characteristics such
as their size and chemical composition. Cohard et al. (1998)
corrected this weakness by introducing a more general
description of the activation spectra that determines the
sensitivity of the activation spectra to microphysical characteristics of aerosols (concentration, size, solubility) and
air temperature, through four adjustable parameters. On the
other hand, the parameterization of Abdul-Razzak et al. (1998)
uses a lognormal representation of the aerosol size distribution, considering two different aerosol growth regimes.
For the approximate and asymptotic solutions of these two
regimes a first-order interpolation between them is applied. It
has been extended to a multimode version by Abdul-Razzak and
Ghan (2000).
This work presents an effort to highlight the physical
processes that take place during the life cycle of a radiation
fog event that occurred at the SIRTA Observatory (48.718°
North, 2.208° East, 156 m above mean sea level), near Paris,
in France, on 15 November 2011 and during the ParisFog field
experiment campaign of the winter 2011–2012. One of the
special features of this fog event is the fact that aerosols are
activated to form droplets at a higher level above surface, as a
result of vertical mixing inducing sufficient adiabatic cooling
of the air parcel in updraft to reach supersaturation conditions at that level, while supersaturation conditions are not
reached at the surface. The approach followed is that of
combining sophisticated measurements of various thermohygrometric, radiative, dynamical and microphysical parameters, in order to understand the fog event itself, with a 1D
modeling tool that highlights processes that are essentially
difficult to examine through measurements. The ultimate
objective of this work is to quantitatively examine the influence of the aerosols characteristics such as their total
number concentration and chemical nature on the radiation
fog life cycle with a particular emphasis on features of the fog
layer, such as height and density. This task is accomplished
by focusing on the mechanism of the CCN activation that
further gives the activation spectra of aerosols. This mechanism is parameterized in the numerical model and it is here
adjusted to conform to the aerosol conditions prevailing at
SIRTA before the fog occurrence. Numerical tests with the
numerical model are conducted in order to examine the
model's sensitivity to the aerosol characteristics mentioned
earlier as far as the fog life cycle is concerned. For the current
study, the CCN activation parameterization of Cohard et al.
(1998) is applied.
Section 2 provides a description of measurements and the
numerical tool and its configuration used in the study, the
description of the aerosol activation parameterization scheme
applied, as well as the configuration set up of the reference run
used for the sensitivity tests. In Section 3, the fog case under
study is analyzed concerning all the physical processes that take
place during the formation, development and dissipation stages
of the event as recorded at SIRTA. Section 4 focuses on the
examination of the model's performance regarding thermohygrometric, radiative, dynamical and microphysical features
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and presents the analysis of the sensitivity tests regarding the
role of the aerosols total number concentration and chemical
characteristics, as well as their impact on the fog life cycle.
Conclusions are presented in Section 5.

2. Data and methods
2.1. Measurements used in the study
At SIRTA, the thermohygrometric, radiative, dynamical
and microphysical processes driving the fog life cycle are fully
monitored near the surface and throughout the boundary layer
(Haeffelin et al., 2010). The site where the instrument platform is
installed is a semi-urban area of a complex terrain consisting of a
forest, a lake, meadows and shrubs next to an urban agglomeration. The case of interest is chosen from the SIRTA ParisFog
database covering the 2010–2012 period that includes thirtyfour radiation fog events. The ParisFog database consists of
detailed measurements of thermohygrometric, dynamic, radiative, atmospheric properties observed at the surface with in-situ
sensors and in the boundary layer using remote sensing instruments. The database also contains measurements of aerosol and
liquid droplet microphysics near the ground.
At the surface, temperature and humidity non-aspirated
sensors located between 1 and 30 m height on an instrumented mast provide the thermohygrometric measurements
(with 0.2 °C uncertainty for temperature and 2% for relative
humidity). Wind speed is measured by two Metek ultrasonic
anemometers at 10 m and at 30 m agl installed on the same
meteorological mast. The radiosonde profiles that are used
are those performed routinely at 00 and 12 UTC, 15 km west
of SIRTA as part of the Météo-France national network (with
0.2 °C uncertainty for temperature and 2% for relative
humidity). Radiative flux is measured on a building roof and on
a meteorological mast. Shortwave and longwave downwelling
and upwelling flux are also measured at 30 m agl along a mast,
with a 5 Wm−2 and 4 Wm−2 uncertainty, respectively. A
Degreanne DF20+ diffusometer is operated near the ground
(3 m agl) and a second Degreanne DF20 diffusometer is operated
at 18 m agl providing information on the vertical heterogeneity
of visibility during the fog life cycle with a ±10–25% uncertainty.
The remote sensing instruments deployed for the ParisFog
campaign and used in this study consist of a Vaisala CL31
ceilometer whose backscatter signal provides the cloud-base
height. An RPG-HATPRO water vapor and oxygen multi-channel
microwave profiler provides time series of LWP when fog occurs
(with 0.2 gm−2 uncertainty). Wind is measured by a Leosphere
Doppler wind lidar (WLS7v2) for horizontal wind profiles
between 40 and 200 m and vertical velocity (air velocity in
clear air and droplet vertical velocity when fog is present). A
Remtech PA2 sodar for wind profiles between 50 and 600 m
is also employed, with uncertainty equal to 0.3 ms− 1.
Measurements of aerosol and liquid droplet microphysics
near the ground come from a DMT Fog-Monitor 100 that
provides size distributions of aerosols and droplets in
ambient (i.e. air samples in the natural moist environment)
conditions from 2 μm to 50 μm and liquid water content
(LWC), while a TSI Scanning Mobility Particle Sizer (SMPS)
measures dry aerosol spectra between 10.6 and 496 nm
every 15 min.

2.2. Meso-NH model and set up
Meso-NH is a 3D non-hydrostatic, pseudo-compressible
research model jointly developed by CNRM/GAME and the
Laboratoire d'Aérologie (Lafore et al., 1998), intended for the
study of meteorological mesoscale and microscale phenomena.
Meso-NH, either in its 3D meso-scale mode (Cuxart and Jiménez,
2012), in 1D mode (Bergot et al., 2007) or in the configuration of
large-eddy simulation (LES) modeling (Bergot, 2012) has been
used in several research efforts in order to study and understand
fog processes. In the current study the 1D mode is applied with
the ultimate goal of focusing on the examination of the individual
and combined role that processes related to aerosol microphysics
play during the fog life cycle. It uses a 2-moment warm
microphysics scheme (Geoffroy et al., 2008; Khairoutdinov and
Kogan, 2000). Droplet sedimentation is applied to the cloud
droplet number concentration and the mixing ratio, as it is
essential so that to reproduce the fog life cycle (Bergot et al.,
2007). It is parameterized by assuming a Stokes law to calculate
the cloud droplets terminal velocity, including an air density
effect (Foote and Toit, 1969) and by assuming an analytical
distribution to represent the cloud droplet spectra. The analytical
distribution used is a generalized gamma law. Turbulence is
parameterized according to Cuxart et al. (2000) with the
Bougeault and Lacarrére (1989) mixing length. Radiation is
parameterized with the ECMWF radiation scheme code (http://
www.ecmwf.int/research/ifsdocs/CY23r4/). Details of the shortwave radiation code are given in Morcrette (1991), while the
longwave radiation scheme used is the Rapid Radiation
Transfer Model (RRTM, Mlawer et al., 1997). The
three-layered soil-vegetation scheme ISBA (Interactions
between the Soil Biosphere and Atmosphere, Noilhan and
Planton, 1989) is applied. 131 vertical levels are used between
the surface and the top of the model at 5000 m, with 126 levels
between the ground and 1500 m and a vertical resolution less
than 1 m in the first 200 m above ground level.
The model has been initialized at 12 UTC on 14 November
2011 and the simulation covers the following 24 h. For all
simulations performed, temperature, humidity and wind speed
vertical profiles are initialized with data derived from the radiosonde launched by Météo-France in TRAPPES (48.7°N, 2°E). The
wind speed is modified near the ground with the data recorded
at a 30 m meteorological mast at the SIRTA site. Trappes is
located in the western suburb of Paris (15 km west of SIRTA) and
can differ slightly from the SIRTA site for the meteorological
conditions. The forcings are deduced from the radiosondes and
they consist of a prescribed geostrophic wind of 6.5 m s−1
which remains constant in time and height for the entire
simulation. A small subsidence of 0.45 cm s− 1 has been
introduced for the first 12 h. Finally, a moisture advection of
10− 5 g kg− 1 s− 1 constant in the vertical is introduced in
the last 12 h of the simulation.
The time step is 10 sec and the radiation scheme is
called every 1 min. Soil temperature (in K) and soil
moisture (in %) data for three layers (surface, root zone
and deep soil) have also been imposed at the initialization
of the model corresponding to observed ones at SIRTA. The
surface cover is composed of 70% of temperate pastures,
20% of temperate suburban and 10% of river surface types.
For all the tests performed the aforementioned configuration has been employed.
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2.3. The CCN activation scheme

of the fog event. The outcomes of this effort are described in the
following section.

According to Cohard et al. (1998), Cohard and Pinty
(2000), the activated CCN number concentration is expressed
by:
k

NCCN ¼ CS



k k
2
max F μ; ; þ 1; −βS max
2 2

ð1Þ

where Smax is the maximum supersaturation estimated using
the following equation:


k k
kþ2
2
Smax F μ; ; þ 1; −βSmax ¼
2 2
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while C is proportional to the total number concentration
of CCN (activated aerosols) that would be activated when
supersaturation Smax tends to infinity. Parameters k, μ and β
are adjustable shape parameters associated with the characteristics of the aerosol size spectrum such as the geometric
mean radius (r) and the geometric standard deviation (σ), as
well as with chemical composition, solubility of the aerosols
(ϵm) and temperature (T). ψ1(T) and ψ2(T, P) are functions of
temperature and pressure. B(a, b) and F(a, b; c; x) are the
Beta function and the Hypergeometric function, respectively.
The parameter w is the vertical velocity.
Cohard et al. (2000) show that it is possible to establish
parametric relations between the unknowns k, β and μ in (1)
and characteristics of lognormal distributions of underlying
aerosols with variable chemical composition and solubility.
Two chemically pure aerosol types are taken into account
in their study, the continental and the maritime. For the
continental case the ammonium sulfate is considered, while
for the maritime sea salt. In this way, the scheme in essence
differentiates between more numerous and less soluble
(continental) aerosols versus less numerous, coarser and more
soluble (maritime) particles. For both cases, the values of all of
these parameters are given in Cohard et al. (2000).
In order to reconstruct the supersaturation spectrum for
the SIRTA conditions and further study the influence of
aerosol characteristics on fog, it is necessary to determine the
size distribution parameters (geometric mean radius, the
natural logarithm of the geometric standard deviation) of the
aerosols, their concentration, the solubility and the temperature of the air mass near the surface. The values of these
parameters will provide the values of C, k, β and μ. Therefore
the challenge comes down to representing as realistically as
possible the inherent local aerosol characteristics of the air
mass close to the surface and around the time of the fog
formation. Here the continental aerosols are considered. In
order to define the exact values of the statistics parameters
(aerosol total number concentration, geometric mean radius
and geometric standard deviation), fitting tests of aerosol
size distribution on 15 min frequency data of aerosol number
concentration from the SMPS for the 14 and 15 November
2011 were performed. Log normal distributions of two or
three modes were fitted to the data and sensitivity tests of the
model have been made in order to define the most appropriate
set of the two statistics parameters for a satisfactory simulation

2.4. Reference run
For the model analysis of the fog event presented in this
work, a reference run regarded as the control simulation was
performed. The performance of the model is examined based
on this run, while this run is also the basis on which the
sensitivity tests on the total aerosol number concentration
and aerosol solubility are performed. For the control simulation the statistics of the trimodal fitted distribution of the
SMPS data of 0215 UTC, 15/11/2011 was used (Fig. 1). It
should be noted that in the model the aerosol characteristics
and their chemical composition are not altered with time.
Therefore we selected this time point because it corresponds
to representative aerosol conditions at the time of initial fog
formation and it is these aerosols that will serve as CCN for
the formation of the fog droplets. Table 1 presents the values
of the concentration of the number of CCN that can be
potentially activated (N), the geometric mean radius (r), the
geometric standard deviation (σ) and its natural logarithm
(lnσ) for the three fitted modes: nucleation, Aitken and
accumulation. Since in Meso-NH a single aerosol mode is
represented, only the accumulation mode is considered.
Recent observations at SIRTA indicate that only aerosols
larger than 200 nm tend to activate under typical conditions
favoring radiation fog formation (Hammer, personal communication). The other two modes correspond to sizes
much smaller than this threshold. Air temperature at 2 m
was set equal to 2.3 °C as it corresponds to the 2 m SIRTA's
meteorological mast temperature at 0215 UTC of 15/11/
2011. Solubility was set equal to 0.4 because according to
aerosol chemical speciation measurements, only 40% of
aerosols are hydrophilic. Further explanations are provided
in Section 4.3.2.
3. Description of the case studied
The selected fog event formed at 02 UTC of 15 November
2011 and dissipated after 7.5 h, at 0930 UTC. According to the

Fig. 1. Trimodal fit to the SMPS data of 15/11/2011 at 0215 UTC. The numbers
from left to right correspond to the CCN number concentration (N, #m−3),
the geometric standard deviation (σ) and the geometric mean diameter
(D, μm) for each of three modes: nucleation, Aitken and accumulation.
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Table 1
Values of the CCN number concentration (N), the geometric mean radius (r),
the geometric standard deviation (σ) and its natural logarithm (lnσ) for the
three fitted modes for 0215 UTC of 15/11/2011.
CCN number
concentration
N (#cm−3)

geometric
mean
radius r (μm)

geometric
standard
deviation σ

lnσ

1663
886
541

0.0095
0.0405
0.1525

2.03
1.65
2.33

0.71
0.50
0.85

classification of fog events applied at SIRTA (based on the
Tardif and Rasmussen (2007) classification method), this is a
typical radiation fog event frequently forming over this area.
Moreover, as described in the following sections, this is an
elevated radiation fog event, characterized by radiative
cooling conditions at the surface followed by the formation
of a cloud layer 100–200 m agl, followed shortly by fog at the
surface. This characteristic is common for radiation fogs
occurring in November since 88% of the radiation fog events
formed at SIRTA during the three campaign periods (2010–
2011, 2011–2012, 2012–2013) are also elevated. Fog events
at SIRTA pertaining to the radiation category usually form
during the night and over half of them dissipate 2 h after
sunrise (Dupont et al. 2014, under review2). Moreover this is
a fog event that produced low LWC near the surface (up to
0.04 gm−3). The average 2.5 m LWC of the radiation fog
events formed over the 2011–2012 season is 0.037 gm−3
(standard deviation 0.013 gm−3). Also the synoptic and near
surface meteorological conditions prevailing during the
evening of 14 November 2011 were typical for the formation
of such a fog type. According to the synoptic conditions of 14
November 2011, at the 500 hPa level (12 UTC), a ridge,
centered over the North Sea, was affecting northern France.
At the surface, these upper level conditions were associated
with an anticyclone with high pressures over France. At
SIRTA, such synoptic conditions favored the absence of low
and middle clouds between 18 UTC (14/11/2011) and 02 UTC
(15/11/2011).
3.1. Daytime conditions before the fog event (12–16 UTC)
Near-surface temperature measurements (2–30 m agl)
shown in Fig. 2a reveal a diurnal cycle typical of a clear,
relatively mild fall day, with a maximum temperature of
12 °C near 14 UTC on 14/11/2011. The near surface relative
humidity (RH) (Fig. 2b) at noon dropped to about 65%.
According to the diurnal cycle of the surface solar (shortwave, SW) and thermal (longwave, LW) irradiances (Fig. 2c),
the net SW irradiance peaked near 12 UTC with a net value of
about + 325 Wm−2 and sharply decreased to + 100 Wm−2
at 14 UTC and 0 Wm−2 at 16 UTC. The net LW irradiance
peaked at about − 150 Wm−2 at 12 UTC, and stabilized near
− 90 Wm−2 after sunset (− 75 Wm−2 at 00 UTC). Such
strong near-surface radiative cooling conditions are typical of
cloud-free low-humidity conditions.
2
Dupont, J.-C., Haeffelin, M., Stolaki, S., Elias, T., Burnet, F., Sciare, J., 2014.
Analysis of physical processes driving fog and quasi-fog life cycle: Statistical
analysis during the ParisFog ﬁeld experiment. Under review in Pure and
Applied Geophysics.

Fig. 2. Observed and simulated 24-h time series of (a) temperature and
(b) relative humidity at 2 m, 10 m and 30 m agl height, and (c)
downward (at 17 m) and upward (at 30 m) shortwave and longwave
radiation. Simulation initialized at 12 UTC, 14/11/2011. Observed fog
formation: 02 UTC; observed fog dissipation: 0930 UTC.

Fig. 3a shows a 24-h time series of CL31 ceilometer
vertical profile (0–600 m agl) of un-calibrated attenuated
backscatter power in logarithmic scale. Backscattered power
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at 905 nm in cloud free skies is predominantly due to
aerosol scattering, but is also affected by water vapor
absorption. When liquid water is present in the atmosphere, the droplet cross section dominates scattering and
the ceilometer power can be extinguished by a 100-m deep
liquid layer. Cloud base heights derived with the STRAT
algorithm (Morille et al., 2007) are shown with green dots.
Boundary layer height, shown as black squares, are derived
with the STRAT + algorithm (Pal et al., 2013) using the
vertical profile of attenuated backscatter at 355-nm measured by a Leosphere ALS450 Lidar and surface stability
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conditions associated with Obukhov lengths derived from
sonic anemometer measurements. Fig. 3a confirms that the
atmosphere is cloud-free between surface and 600 m agl
from 12 UTC to 02 UTC. Fig. 4a shows the vertical profile of
vertical wind speed and Fig. 4b the temperature structure
parameter, a proxy for turbulence, as derived from the
Remtech PA2 Sodar. During daytime, the wind was southeasterly and less than 4 ms− 1 inside the mixing layer, while
it was southwesterly and about 8 ms− 1 above the boundary
layer. Significant wind shear occurred near the top of the
boundary layer.

Fig. 3. (a) 24-h time series of vertical profile of un-calibrated attenuated backscatter power measured by a CL31 ceilometer (logarithmic color scale), cloud
base height (green dots), and mixing layer height (black dots); (b) time series of aerosol number concentration near the surface provided by the SMPS (red
dots = 10–200 nm aerosol dry diameter range; black dots = 200–500 nm diameter), and by the Welas (blue dots = 400–2500 nm aerosol diameter range in
ambient conditions); (c) hygroscopic growth function of ceilometer backscattering coefficient as a function of relative humidity.
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Fig. 4. (a) Vertical profile of vertical wind speed (ms−1); (b) vertical profile of temperature parameter CT2; both measured by Remtech PA2 sodar. Cloud base
height shown in red dots, mixing layer height shown in black squares; (c) vertical profile of vertical wind speed (ms-1) measured by Leosphere WLS Doppler
Lidar. Cloud base height derived from the ceilometer is shown in black squares.

3.2. From sunset to aerosol activation (16–02 UTC)
After sunset, under clear conditions, the net radiative
balance at the surface reached − 90 Wm−2. Surface cooling
conditions remained at that level for 10 h from 16 to 02 UTC.
Under moderate wind conditions at the surface (about 2 ms−1),
this triggered a long and gradual cooling of the near-surface layer
at an average cooling rate of −0.8 °C/h (Fig. 2a). The wind speed
(not shown) increased in the boundary layer after 17 UTC,
reaching values of 8 ms−1. The combination of mechanical
mixing and surface radiative cooling induced cooling in the
lowest 300-m above the ground (not shown). The boundary
layer became stable soon after sunset (16 UTC), reaching a lapse
rate of 0.03°Cm−1 over the lowest 300 m. Similarly the RH near
the surface increased sharply from 16 to 18 UTC at +9% per hour,
followed by a moderate increase of about +1% per hour for the

next 8 h until 02 UTC on 15/11/2011. This rapid increase was
also observed throughout the 300-m deep boundary layer.
Between 18 and 21 UTC, the horizontal wind speed
increased sharply and veered Easterly above the boundary
layer (not shown). This affected also the wind speed inside
the boundary layer, with wind speed greater than 8 ms− 1
at 100 m agl, and greater than 12 ms− 1 at 200 m agl after
19 UTC. Such wind conditions indicate the existence of a
low level jet above the boundary layer which, between 21
and 00 UTC, propagated from the free troposphere into the
boundary layer, as also evidenced by the negative values of
the vertical wind speed (−0.1 ms−1). Turbulence in and
above the boundary layer increased suddenly inducing mixing
of air from ground to 600 m agl. The temperature increased
1–2 °C throughout the boundary layer while it was cooling
rapidly before 18 UTC (Fig. 2a). According to microwave
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brightness temperature measurements (not shown) there is
evidence that this resulted from mixing of warmer air from a
layer at 350–850 m agl into the lower altitudes.
Between 21 and 00 UTC, the near-surface layer and
boundary layer resumed a cooling trend, similar to that
observed before 18 UTC (Fig. 2a). Similarly, the
near-surface RH resumed an increasing trend, reaching
values near 95% close to the surface at 23 UTC (Fig. 2b), and
near 90% in the first 100-m above ground (not shown).
Between 00 and 0130 UTC, the RH below (at 30 m agl)
remained nearly constant at 97%. During this time interval,
the wind speed in the boundary layer stabilized around 6 ms−1,
while near the surface was light (around 1.9 m−1) and the
vertical wind speed was mostly positive at about +0.2 ms−1.
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dropped from 5 to 1 km in about 30 min (not shown). In a
typical radiation fog this process takes two to four times
longer (Haeffelin et al., 2013).
Once the cloud layer reached the ground layer, the
visibility at 18 m agl stabilized around 200 m while the
visibility at 3 m agl hovered near 400 m. Hence the liquid water
content was not homogeneous in the vicinity of the surface. The
LWP (Fig. 6a) of the fog grew quickly after 0230 UTC to 30 gm−2
and continued to increase continuously until sunrise,
reaching a maximum value of nearly 75 gm− 2 at 07 UTC.
The fog top height also increased from 150 m agl at 0230
UTC to reach a maximum height of 300 m agl, as shown by
the Sodar turbulence parameter (CT2) which is maximum at
fog top where strong radiative cooling induces turbulence
(Dabas et al., 2011).

3.3. Fog onset and development (02–07 UTC)
At 02 UTC, the attenuated backscatter coefficient at
150 m agl increased by a factor of 10, due to formation of
droplets at that altitude (Fig. 3). It is likely that aerosols
near 150 m agl activated to form droplets as a result of
vertical mixing inducing sufficient adiabatic cooling of air
parcels in updrafts to reach supersaturation conditions at
150 m agl. Supersaturation conditions were not reached at
the surface as RH remained at 97% (Fig. 2b). The upwelling
LW irradiance at the top of the cloud layer was probably
between 280 and 350 Wm− 2, given the cloud top
temperature was about 280 K and considering a cloud emissivity evolving from 0.8 towards 1 as the LWP increased between 02
and 03 UTC. The downwelling LW irradiance at 200 m agl was
likely about 200 Wm−2, as the humidity dropped sharply above
200 m agl. The radiative cooling at the top of the liquid layer
evolved hence from about −80 to −150 Wm−2. This is a typical
value when the atmosphere is dry aloft (Dupont et al., 2012;
Philipona et al., 2013), while a typical radiative cooling value just
above the surface is on the order of −60 to −80 Wm−2.
After the liquid layer formed at 150 m agl, the cloud
base height progressively subsided during about 30 min,
until it reached the ground (Fig. 3). During this subsidence,
the temperature in the surface layer continued to decrease
by about 1 °C, while the RH quickly reached 100%. Before
02 UTC, the cooling of the surface layer was due to a
negative radiative budget at the surface (about −80 Wm−2).
After 02 UTC, the cloud layer at 150 m agl quickly increased the
downwelling longwave radiative flux at the surface resulting in a
near 0 Wm−2 surface radiative budget. Hence the temperature
decrease resulted from another cooling process. As described in
Dupont et al. (2012), at 02 UTC, radiative cooling at the top of the
cloud layer cooled the air at the top of the cloud and destabilized
the cloud layer, inducing vertical mixing in the cloud layer. Fig. 4c
(vertical speed measured by a Doppler Lidar) shows that during
this phase, cloud droplet sedimentation in the cloud layer
reached a rate of −0.2 to −0.6 ms−1. In clear air, the Doppler
Lidar traces vertical air motion (aerosols serve as tracers), while
in the cloud, the Doppler signal is dominated by the vertical
motion of cloud droplets. Droplets evaporate below cloud base
before they reach the ground, and hence cool the sub-cloud
layer. This cooling effect destabilizes the sub-cloud layer, leading
to efficient coupling with the surface. Hence the surface layer is
cooled from the top. This mechanism is fast as evidenced by
the temporal evolution of near-surface visibility, which

3.4. Fog dissipation (07–10 UTC)
Sunrise occurred at 07 UTC precisely. About one hour
after sunrise, between 0745 and 0845 UTC, the wind speed
at 10 m agl increased from 2 to 3.5 ms− 1 (not shown) and
mean vertical air velocity became positive (+ 0.2 ms− 1 at
200 m agl, Fig. 4a). As the air lifted, the fog droplet fall
velocity (Fig. 4c) was reduced. This resulted in an increase
of visibility peaking at 2 km (not shown). This mixing and
lifting motion lasted only one hour, and the cloud base
subsided back to the ground at 09 UTC. At 10 UTC, the
downwelling SW irradiance exceeded 100 Wm− 2, while
near-surface temperature had increased by 1 °C compared
to pre-sunrise values. This created enough buoyancy to
offset the droplet fall velocity and to produce the rise of the
fog base height. Vertical air velocity reached + 0.5 ms− 1
below cloud base (Fig. 4c) and the cloud base rose at a rate
of about 75 mh− 1. This fog dissipation occurred through a
classic scenario of heating the fog layer from below due to
absorption of solar radiation by the surface after sunrise
(0659 UTC).
4. Simulation results
In order to better understand the model's behavior in
simulating the fog event under study, the performance of a
control simulation is examined. Such an examination is based on
comparisons between observed and modeled values of thermohygrometric, dynamic, radiative and microphysical parameters spatially in the vertical and temporally during the 24 h
simulation. Next, the model's sensitivity to CCN concentration,
size distribution and solubility is studied. For all comparisons and
sensitivity tests the reference run described in Section 2.4 is
considered.
4.1. Thermohygrometric, radiative and dynamic performance of
the model
This section describes the examination of the thermohygrometric, radiative and dynamic performance of Meso-NH.
At first we compare the time series of surface (from 1 m to
30 m agl) temperature and RH and surface radiative fluxes for
the duration of the simulation and next we compare the
modeled and observed time series of TKE, as well as the vertical
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profiles of wind speed every two hours between 22 UTC of
14/11/2011 and 10 UTC of 15/11/2011.
It is evident (Fig. 2a and b) that, almost throughout the
entire simulation, the model underestimates the air temperature and, consequently, overestimates the RH near the
surface. These biases are present from the beginning of the
simulation and can be mainly attributed to the difference
between Trappes, the location of the radiosonde used to
provide the initial conditions for the simulation, and the
SIRTA site. For temperature this underestimation reaches up
to 4 °C before fog formation, while during the fog event it
reaches 1 °C. Just after the beginning of the simulation the
model produces a negative vertical temperature gradient,
while the lower layer is isothermal in the observations.
Therefore, the thermal inversion near the surface
(T30-T1m agl difference) that forms several hours before
fog formation appears with almost 2 h delay in the
modeled values (at 16 UTC) than compared to the observed
values (at 1410 UTC), and it is stronger in reality than in
the simulated conditions (Fig. 2a). At all mast levels,
between 20 and 2030 UTC, an increase of temperature
that reached 0.8 °C (at 1 m agl height) is observed. This
increase is more pronounced in the lower levels (1–2 m
agl) and it is combined with a slight decrease of RH
observed at the same levels. The vertical mixing of warmer air
from the 600 m agl height down to the surface, around the
same time that the temperature increase is observed and as
described in Section 3.2, might be a possible reason for such
a temperature increase. However an advection of warm air
near the surface cannot be excluded and this might be the
strongest influence for a near surface warming at the time.
On the other hand in the modeled situation, the temperature at all levels continues decreasing. This happens due to
the fact that in the model configuration only the large scale
effects are considered in the forcings therefore the local
effects cannot be precisely simulated. Since this heating
effect through subsidence was not measured precisely, it
could not be introduced as a forcing condition. During the
fog event the model simulates a fog layer that is colder than
the observed one up to 1 °C. But similar to reality, the layer
is neutral, since temperature at all levels is almost the same.
Coherently with temperature, for the first 4 h of the
simulation, the modeled RH (Fig. 2b) overestimates the
observed one by as much as 13% but after that the values differ
less, although exceeding the uncertainty of the instrument (2%).
However, observed RH reveals several deviations and fluctuations that are not represented by the model due to the simplified
forcings. The air near the surface becomes saturated around half
an hour earlier than observed. The simulated RH remains close
to 100% up to around 10 UTC of 15/11/2011, similar to the
observed conditions. Therefore despite some discrepancies in
the thermodynamic conditions, the fog life cycle is fairly well
reproduced.
Simulated and observed radiative fluxes show also a
correct agreement throughout the period (Fig. 2c). The
increase of the observed downwelling LW radiative flux at
17 m agl, occurring at the formation of the fog layer,
appears simultaneously in the model. However, the increase
is slightly underestimated by the model (60 Wm−2 instead of
75 Wm−2). In the same manner, after sunrise (0659 UTC), the
downward and upward SW fluxes are overestimated. Both

discrepancies indicate that the LWP is underestimated, a fact that
is presented in Section 4.2. On the contrary, at the end of the
simulation, the modeled infrared downward radiation remains
large, in contrast to the observed one that after the end of the
event (10 UTC) begins decreasing. In parallel, the downward SW flux is underestimated by the same amount
indicating that the LWP is overestimated in the low level
cloud to which the fog layer is transformed after the fog
dissipation and up to the end of the simulation.
The dynamical performance of the model is examined
through the study of TKE at 10 m agl and wind speed profiles
(Fig. 5). The evolution of the TKE for the model and
observations (Fig. 5a) shows that Meso-NH reproduces the
general pattern for the changes in TKE variability but not in
every detail. The first 4 h of the simulation, the model
overestimates TKE and specifically at the onset of the event,
when a small increase is observed. After 16 UTC and before
the fog formation, TKE reaches equilibrium and it is close to
reality. During the event the modeled TKE is less than half of
the observed one. The increase of the observed TKE in
essence indicates the vertical development of the fog layer
but it is not captured by the model. This is a signature that the
limited turbulence produced by the model results in the
underestimation of the depth of the fog layer. After 08 UTC
the modeled values are an overestimation of reality and, as
will be discussed further in Section 4.2, this might be the
reason for which the fog layer begins slightly dissipating
before the observed one. The geostrophic wind in the forcing
data, added to a 1D simulation without heterogeneous surface
conditions, is not so detailed for a more correct simulation of the
wind which is more complex in reality, and therefore the model
is also unable to precisely reproduce the small-scale variations of
TKE (Porson et al., 2011).
The model reproduces quite correctly the wind speed
profiles in the lower boundary layer during the period of
interest (Fig. 5b). Above, in the residual layer, due to the
constant geostrophic wind forcing, an inertial oscillation is
developing, inducing alternatively underestimation and
overestimation of the wind speed. Sensitivity tests on the
geostrophic wind (not shown) have shown that it does not
impact the vertical extent of the fog layer and its microphysical characteristics.
4.2. Microphysical performance of the model
The understanding of the model's performance is enhanced by studying the model's ability to correctly reproduce
microphysical characteristics such as the LWP, the LWC at
2.5 m agl and droplet size distributions. Taking into account
the threshold of LWC = 0.05 gm−3 (Bergot et al., 2007)
for the detection of the fog onset, and according to the
LWC time-height evolution (Fig. 7a) the fog formation and
dissipation times are 0150 and 0830 UTC, respectively.
Therefore the modeled fog forms and dissipates half an
hour and one hour in advance, respectively. Moreover, the
simulated fog initially forms at the surface contrary to reality
that forms at the level of 150 m agl. The height of the fog is
underestimated since, during the observed fog event duration, it reaches 179 m height agl in contrast to the observed
300 m height. High LWC and Nc are produced from the fog
onset up to its mature phase with values between 0.2 and
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Fig. 5. (a) Temporal evolution of simulated and observed TKE (m2 s−2) at 10 m agl; (b) temporal evolution of simulated and observed vertical profiles of wind
speed. Profiles every 2 h from 22 UTC to 10 UTC. Height in m agl.

0.34 gm−3 and Nc up to 250 #cm−3 (Fig. 7b). LWC values are
clearly overestimated near the ground compared to observations (Fig. 6b). This overestimation of LWC could be a result
of the simulated fog initially forming at the surface compared
to reality, where fog forms at a higher level. As soon as the
modeled fog layer starts forming, CCN are activated and
numerous droplets form that are too small to sediment,
inducing too high values of LWC and Nc. Also, close to the
ground larger values of Nc are recorded, while at the top Nc is
substantially reduced. This agrees with what has been found
from other researchers in observed situations according to
which rapid temporal variations in droplet concentrations,
sometimes with amplitudes corresponding to two orders of
magnitude (Lu et al., 2013; Gerber, 1981, 1991), and LWC
from near zero up to 0.5 gm−3 have been observed (Fuzzi et
al., 1992). The core of the highest LWC values occurs before
the mature phase between 02 and 03 UTC and lies between
28 and 34 m agl in the vertical, around 40 m close to the top
of the fog layer. LWC and Nc increase with height up to the
fog's top where they reach minimum values. Such a structure
agrees with what has been found by several researchers (Pilié
et al., 1975; Goodman, 1977; Pinnick et al., 1978) according
to which the mean droplet diameter and liquid water content
increased with height. When the fog lifts the ground Nc starts

increasing again indicating that the fog layer is transformed
into a stratus cloud.
To shed more light on the overestimation of the LWC, we
examined the LWC values and the liquid water profile as
observed and simulated by the model. At 2.5 m agl (Fig. 6b) it
is clear that there is a significant difference between the
modeled and observed values (maximum modeled values of
0.32 gm−3 versus observed of 0.05 gm−3). Concerning the
liquid water profile we have superimposed the modeled LWC
versus the LWC calculated using the visibility values at the
two measurement levels (3 and 18 m agl) and Kunkel's
formula (Kunkel, 1984). This way and in absence of other
LWC measurements in the vertical we gain an insight into the
LWC vertical gradients. According to Figs. 6c and 7a, the
temporal change of LWC near the surface exhibits a gradual
increase of values from the fog onset until 04 UTC and it
starts decreasing again after that time point up to the end of
the event. In the vertical LWC exhibits a smooth change with
height between 0.1 and 0.35 gm−3, in the first 70 m layer
above which it has a decreasing trend up to the fog's top
where its values reach minimal levels. On the contrary,
observed values of LWC are lower than 0.05 gm−3 at the
surface, they reach 0.1 gm−3 at 18 m agl height and reach
about 0.2 gm−3 at the fog's top (300 m height) as deduced
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Fig. 6. (a) Temporal evolution of simulated and observed LWP (gm−2);
(b) temporal evolution of observed LWC at 2.5 m agl as recorded by FM-100
(red thin line), simulated LWC at 3 m (green thin line) and at 18 m agl (blue
thin line) and observed LWC calculated with visibility measurements at 3 m
(green thick dashed dotted line) and 18 m agl (blue thick dashed dotted
line) height. Reference run.

from the integrated LWP. Consequently there is a stronger
vertical heterogeneity in observed LWC values in comparison
with the modeled ones. Given the simulated and observed
fog's layer height, the discrepancy in the LWC values at 2.5 m
agl height and the heterogeneity of the values in the vertical,
we conclude that added measurements of LWC in the vertical
would be useful in order to explore the microphysical processes.
Consequently, we will mainly base the following sensitivity
study on the LWP values.
Fig. 6a represents the time series of the LWP as recorded
by the HATPRO microwave radiometer and modeled by
Meso-NH. The mean observed and modeled LWP during the
mature phase of the fog event (between 04 and 08 UTC) are
49 gm−2 (standard deviation of 9 gm−2) and 28 gm−2
(standard deviation of 2 gm−2), respectively. Consequently
the model underestimates the actual LWP as the fog layer is
thinner than in reality. The optically thinner fog layer also
explains the underestimation of LW radiative fluxes previously
underlined, as the cooling of the fog's top is inhibited. Another

Fig. 7. (a) Time-height plot of LWC (gm−3) and (b) droplet number concentration (Nc, #cm−3). Reference run. Height in m above sea level (asl).

consequence is that mixing with warmer and drier air from the
layer above the fog is missed, inducing the negative bias on
surface temperature and positive bias on surface RH, as well as an
underestimation of TKE near the ground. The modeled LWP
values do not decrease after the dissipation of fog since the fog is
lifted from the surface and it is transformed into a stratus cloud.
The simulated droplet size distribution at 2.5 m agl height
has also been studied. The droplet size distribution in the
model is described by the normalized form of the generalized
gamma distribution which gives a monomodal form. Fig. 8
presents the observed (as recorded with FM-100) and modeled
droplet size distributions shortly after onset (03 UTC), mature
(06 UTC) and dissipation (08 UTC) phases of the fog life cycle.
At 03 UTC the simulated droplet number concentration is
higher (304 #cm−3) than during the rest of the event, with
droplets of 10 μm mean diameter, in contrast to the mature
stage (06 UTC) during which droplets are larger (~12 μm) with
lower number concentration (140 #cm−3). At 08 UTC (dissipation stage) the droplets become again smaller in size (~10 μm).
This temporal change in droplet size and in droplet number
concentration follows the natural process, according to which
in the beginning of the fog formation droplets are smaller, with
higher concentration and as the fog layer matures, they become
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Fig. 8. Observed (FM-100) and modeled droplet size distribution at 03, 06
and 08 UTC. Reference run.

larger, with their concentration declining. The observed size
distribution is bimodal and the second peak that corresponds to
a ~13 μm droplet diameter size seems to be the mode
corresponding to the modeled one. Thus the size of the modeled
droplets is close to reality while, as previously mentioned, there
is a discrepancy between the modeled and the observed values
of the number concentration. Such a discrepancy is consistent
with the overestimation of the modeled LWC.
The previous analysis on the model's performance shows
that the 1D model on this particular fog event represents
quite correctly the fog life cycle, with, however, an advance
on the dissipation time. The discrepancies are more important on the vertical and temporal variability of the droplets,
in terms of mass and number. The vertical extent of the fog
is too low, underestimating the LWP. But droplet number
concentration and LWC are overestimated near the ground,
mainly at the onset of the fog, when droplets are too small to
sediment. This underlines the complexity of fog microphysical processes. Therefore sensitivity tests on aerosol concentration and chemistry were conducted.
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concentration can vary by a factor of 3–5 in conditions
preceding radiative fog formation. Hence we design a
sensitivity experiment where the concentration N ranges
across a factor 4, by halving and doubling the reference case
concentration.
Fig. 9a shows that during the mature phase of the fog
event, when the CCN number concentration is doubled, the
LWP also increases by on average 13 gm−2 in comparison to
the reference run for the observed fog duration. The LWC
comparisons with the reference run (not shown) show that
fog becomes deeper by around 14 m. The time-height change
of Nc (Fig. 10a) provides more evidence showing that the
fog's life-cycle is slightly affected, with the dissipation time
occurring half an hour earlier. Around the fog onset, Nc
reaches a value of 467 #cm−3 at the surface, double the
reference Nc. The time-height changes of the values follow
the same pattern as for the reference run. The highest values
of Nc are recorded at the beginning of the fog formation
decreasing gradually up to the mature phase (06 UTC). Nc is
higher near the ground and diminishes in the vertical up to
the fog's top.

4.3. Sensitivity of fog characteristics to CCN number concentration
and chemistry
4.3.1. CCN number concentration
Taking into account the previous results on the model's
performance, sensitivity tests have been performed in order
to examine whether and how fog characteristics such as LWP,
droplet number concentration, visibility, onset and dissipation times, height, density are influenced by changes in the
aerosols size distribution characteristics such as the CCN
number concentration (N). Two tests have been performed:
the N of the reference run (541 #cm−3) is at first doubled
(1082 #cm−3, test TOTNX2) and second divided by two
(270.5 #cm−3, test TOTND2). According to Elias et al. (2014),
in November 2011 at SIRTA, aerosol number concentration
(independent of size) ranged from 6000 to 30000 cm−3 in
dry conditions (visibility N5 km) that precede radiative fog
formation. In mist conditions (5 km b visibility b 1 km) preceding fog formation, this concentration ranged from 5000 to
15000 cm−3. This is an indication that the aerosol number

Fig. 9. a) 12-h time series of LWP (gm−2) for the reference run (blue circle),
TOTNX2 (black cross) and TOTND2 (green cross), b) the same as (a) but for
tests SOLX2 (black cross) and SOLD2 (green cross).
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Fig. 10. Time-height plot of droplet number concentration (Nc, #cm−3) for tests a) TOTNX2, b) TOTND2, c) SOLX2 and b) SOLD2. Height in m above sea level (asl).

The results of the TOTND2 test are relative to those of the
previous one. The effects on LWP, LWC and Nc are opposite
compared to the TOTNX2 test. LWP is clearly decreased by
40% (from 28 to 17 gm−2) during the mature stage of the fog
(Fig. 9a). However, the maximum values of LWC are quite
close to the corresponding reference run values (0.30 versus
0.34 gm−3). Although LWC still remains high, the effect of
the decreased number of CCN is obvious. The influence of N
on Nc is quite strong as shown in Fig. 10b. Since half of the
original number of potentially activated aerosols exists, less
aerosols are activated in forming droplets so Nc drops down
to 150 # cm−3 at the onset time, about 40% in comparison to
the reference run. Close to the end of the modeled fog event,
the Nc is almost zero. Fog onset time is not affected but the
dissipation time is shifted half an hour earlier than in the
reference run. The height of the fog layer is also affected,
decreasing by around 23 m in thickness.
4.3.2. Aerosol chemistry
Further tests have been performed in order to examine
the influence of solubility on the fog characteristics. Solubility
in the context of the Cohard et al. (1998) parameterization
means the mass fraction of the aerosol soluble material over

the total mass of the material (1: fully soluble and 0: totally
insoluble). Internally mixed aerosols are considered with a
chemical composition and solubility that do not depend on
the size of the particles. No data regarding the solubility of
the aerosols observed at SIRTA are available. An effort has
been made for an estimation of it, taking into account
the chemical composition of dry aerosols as provided by
measurements of an Aerosol Chemical Speciation Monitor
instrument (ACSM, Aerodyne, Billerca, MA) instrument
installed at a distance of 5 km from the main SIRTA platform.
According to Dupont et al. (2014, under review) as observed
for 68 fog cases of the period 2010–2012, during the fog life
cycle, on average, the dry aerosols are composed of 56%
2−
−
−
organic matter, 11% NH+
4 , 4% SO4 , 28% NO3 and 1% Cl . Here
we hypothesize that for the period of 14/11 to 15/11/2011, the
composition is similar, with organic material reaching 60%. We
also make the hypothesis that the organic material is insoluble
thus assuming that the solubility of the aerosols is 0.4. Therefore,
the tests presented so far have been performed by setting the
solubility of aerosols to 0.4. Solubility has been doubled (S = 0.8,
test SOLX2) and divided by two (S = 0.2, test SOLD2) and the
model's ability to produce the correct fog characteristics has been
examined in two independent tests.
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Fig. 9b presents the temporal change of the LWP for both
tests along with the reference run. It is evident that
throughout the simulation there is no significant difference
between the reference and the two tests. Comparing SOLX2
and SOLD2 LWP values with the reference run we conclude
that there is the same absolute difference (3 gm−2) in the
mean for both runs. Also both runs simulate much less LWP
than in reality, which is expected since the model underestimates LWP for this fog case study. The process behind the
influence of solubility on the fog water is natural. The more
soluble the material of the aerosols is (i.e. solubility = 0.8),
the higher the optical thickness becomes, since more water is
produced. On the opposite, a less soluble material induces
less aerosol activation into fog droplets, therefore less water
is produced. Notwithstanding, it is evident that the effect of
solubility on the fog water is of the order of only 9% and less
than the influence of the number of CCN.
The LWP changes due to the changes in solubility are
produced by changes in droplet number concentration. There
is a linear relationship between the solubility of the aerosol
material and the droplet number concentration, since, the
latter is increasing (decreasing) when solubility doubles (is
halved) in relation to the reference run. However, the Nc of
the two tests (SOLX2 and SOLD2) are quite similar, with
subtle differences. Specifically in test SOLX2 (Fig. 10c) Nc
reaches a maximum value of 279 #cm−3 close to the surface
at dissipation time. The pattern that Nc follows through
time and in the vertical is similar to that of the reference
simulation. The same vertical and temporal change applies
for test SOLD2 (Fig. 10d), while the values of Nc are around
17% less than in SOLX2. In comparison to the reference run
these changes translate to almost the same 8–9% increase
(decrease) of Nc. However it seems that solubility of the solid
material of the aerosol does not exert an influence on the fog
onset and dissipation times as deduced from the LWC values
as well (not shown).
Table 2 summarizes the results of the sensitivity tests
focusing on some fog features and microphysics parameters
in order to obtain a better understanding and grasp of the
changes that take place due to aerosol characteristics alterations.
It is clear that the onset time is not affected by independently
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changing CCN number concentration or aerosol solubility but
what changes is the dissipation time. For the latter, all
simulations produce a fog layer that dissipates 1–1.5 h earlier
than in reality. The introduction of a doubled (halved) N in the air
mass translates into a 160% (65%) increase (decrease) in the
production of fog droplets. Increased (reduced) number of
droplets also induces a 60% (40%) increase (decrease) of the
LWP. It also affects the thickness of the fog layer (fog height),
while the LWC is increased (decreased) by 37% (32%). This
outlines that the relationship between Nc and LWP or LWC is
linear and positive. The aerosol influence is less pronounced on
the fog's height which follows a smoother increase (decrease) of
around 10% (4%). This is connected with the inherent limitations
of the simulation presented in the previous section. The impact
on the microphysical characteristics of the fog event are not
significant either by introducing almost fully soluble aerosols
(solubility = 0.8) or by introducing more insoluble ones
(solubility = 0.2). Changes in LWP, LWC and Nc are of the
same order of magnitude for both cases and they are in the
order of 5%–17% depending on the microphysics parameter.
The results of the aforementioned tests are also reflected on the
estimated mean droplet radii of each case. As expected the
biggest fog droplets are produced with the increase of the
potentially activated aerosol concentration, while doubling or
halving the solubility has almost no influence on the fog droplet
radii. Still both factors affect fog microphysics characteristics and
more work needs to be done for a more complete understanding
of their respective role. It is also clear that by altering any of
the two parameters, fog's height remains low, indicating the
necessity of more detailed forcings that will produce more
representative over the SIRTA site thermohygrometric, radiative
and microphysical conditions.
5. Conclusions
A case of radiation fog that occurred at SIRTA Observatory
has been extensively studied with the ultimate objective of
shedding more light on the physical processes that took place
during its life cycle and examining the influence of microphysics
and aerosol characteristics on certain fog characteristics.
This task was accomplished with in-situ and remote-sensing

Table 2
Summary of values of some aerosol characteristics (CCN number concentration and solubility), fog characteristics (onset and dissipation time, height) and
microphysics parameters (LWP, LWC, droplet number concentration, mean droplet radius) from the sensitivity study: Observed (for comparison), REF, TOTNX2,
TOTND2, SOLX2, SOLD2.

−3

CCN number concentration (#cm )
Aerosols solubility
Fog onset time (UTC)
Fog dissipation time (UTC)
LWP (gm−2, 06 UTC)
Fog top height (m)
(06 UTC)
LWC (gm−3)
(06 UTC, 45 m asl)
Droplet number concentration (#cm-3)
(06 UTC, 45 m asl)
Mean droplet radius (μm) (06 UTC, 45 m asl)
1
2

OBS

REF

TOTNX2

TOTND2

SOLX2

SOLD2

541
0.4
02
0930
53.4
300

541
0.4
0145
0830
27.7
142

1082
0.4
0145
0910
44.4
156

270.5
0.4
0145
0800
16.5
136

541
0.8
0145
0830
30.1
142

541
0.2
0145
0800
23.0
142

0.0151
80

1

3.55

0.19
81

2

At 2.5 m agl.
These values are calculated and derived with the formula: LWC¼ 43 πρΝr 3 .

8.24

0.26
214
6.62

0.13
28
10.35

0.20
95
7.95

0.18
68
8.58
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observations and with the 1D mode of the Meso-NH model. The
analysis on the model's performance versus observations shows
that the model, for this particular fog event, represents quite
correctly the fog life cycle, with an advance on the dissipation
time. The main discrepancy is a limitation of the vertical extent of
the fog by 60% (120 m), probably due to insufficiently detailed
large scale forcings. The data of the forcings are derived from
radiosondes that are taken 15 km West of SIRTA, their temporal
resolution is low, while the measurements at SIRTA that could be
used for this case are limited to low levels, close to the surface.
The direct consequence of these limitations is an underestimation of the LWP that limits the cooling at the top of the fog layer.
Therefore the mixing at the cloud top, entraining warmer and
dryer air from above to the lower levels, is inhibited. This results
in an underestimation of the TKE and temperature near the
surface and an overestimation of humidity. Consequently the
LWC and the droplet number concentration are overestimated
near the ground, mainly at the onset of the fog, when
droplets are too small to sediment. Another reason for the
LWC overestimation can be the fact that fog is forming at a
different height in the simulation compared to reality, i.e. at
the surface versus aloft. All these underline the necessity to
add detailed and frequent in-situ observations of temperature,
relative humidity and microphysics profiles using tethered
balloons in order to improve the forcings and also to better
document the microphysical properties. Such measurements can
be quite a challenge.
The influence of some aerosol characteristics on fog life
cycle was further studied. The sensitivity tests revealed that,
in the reference run, the approach followed to represent
the aerosol characteristics in the aerosol activation spectra
parameterization of the model, based on actual observations,
gives satisfactory results. The CCN number concentration
exerts a higher influence on the fog microphysical characteristics than chemistry (solubility) does. Doubling or halving
the solubility produces similar results on the water and Nc
produced, on the duration of the fog and its height and they
are very close to the reference conditions. For both factors,
the duration of the fog event is mainly affected at the end of
the event and is of the order of up to 1.5 h. Fog height is also
sensitive to changes in CCN concentration (N), with the
changes being in the order of around 35%, while doubling
(halving) the N translates to an almost double (half) LWP and
a more striking influence on the production of droplets. In the
case of doubled N, the LWP values reach the observed ones
and although this shows a better approximation to reality, it
is translated into an even higher overestimation of LWC and
Nc that the model produces in the reference simulation.
These results underline the complexity of the fog microphysical processes and the challenge to improve mainly
microphysics schemes in order to improve the representation of the vertical variability (and the horizontal one in a
3D framework, considering surface heterogeneities) aiming
at improving the forecast and at better understanding the
physical processes. The work presented has shown that
future efforts should entail an improvement of the twomoment microphysics scheme with the aim of performing
sensitivity studies with a configuration of the model where
the vertical structure of thermo-hygrometric, dynamic, and
radiative parameters are represented in a more realistic
manner.
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